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The Amazonian Boundary Layer and Mesoscale Circulations
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The interactions between the Amazonian boundary layer, the surface, atmo
spheric convection, aerosols, and larger-scale circulations are complex. The field 
experiments in Amazonia have provided rich insights into the daytime and nighttime 
boundary layer in different regions and seasons over both forest and pasture and 
into the coupling between the surface fluxes, the boundary layer, precipitation, 
and cloud radiative forcing. We discuss the typical diurnal cycle of Amazonian 
convection, the selforganization into mesoscale systems in different synoptic 
regimes, and the role of forest and river breeze circulations. We review the coupling 
between aerosols, smoke, and convection in the dry season; ozone transports by 
deep convection; and microphysical and electrical impacts on convection.
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1. INTRODUCTION

Understanding the complex interaction of clouds, rain, 
and the biosphere in the Amazon was the reason for the 
LargeScale AtmosphereBiosphere Experiment in Ama
zonia (LBA) experiment [Silva Dias et al., 2002a]. The fo
cus of this chapter is the Amazonian boundary layer (BL) 
and its coupling with the surface, atmospheric convection, 
and largerscale circulations. An early BL study using ra
diosoundings and tethered balloons was made during the 

Global Tropospheric Experiment Amazon Boundary Layer 
Experiment (ABLE 2B)  [Martin et al., 1988] at a tropical 
forest site near Manaus, followed by a longer study at con
trasting forest and pasture sites during the Rondônia Bound
ary Layer Experiment (RBLE) [Nobre et al., 1996]. During 
the LBA experiment, two main field campaigns took place 
to characterize the structure and evolution of the BL [Fisch 
et al., 2004]. The first was during the wet season in early 
1999: the WetSeason Atmospheric Mesoscale Campaign 
(WETAMC) and the coincident Tropical Rainfall Measur
ing Mission (TRMM). The second field program was during 
the drytowet transition season, September to November 
2002; it also had two components, the study of Radiation, 
Cloud, and Climate Interactions (LBARACCI) and the 
study of the interaction of Smoke Aerosols, Clouds, Rainfall 
and Climate (LBASMOCC).

The surface energy partition is controlled by the availabil
ity of water for evaporation, which depends on precipitation, 
soil moisture storage, and the vegetation cover [da Rocha 
et al., this volume]. Over the Amazon Basin, precipitation 
comes mostly from deep convection, which is coupled not 
only to the surface BL, surface topography, and heteroge
neities (section 3.7) but also to circulations on continental 
and global scales [Nobre et al., this volume]. Deep convec
tion is also selforganizing on the mesoscale along cold pool  
outflow boundaries (section 3). Horel et al. [1989] described, 
using reanalysis data and outgoing longwave radiation  
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from satellites, the movement of deep convection over South 
America, which impacts the rainfall distribution over the 
tropical Americas. Machado et al. [2004] showed the cli
matological aspects of the seasonal and diurnal variability 
of convection over Amazonia and its links to different veg
etation types and largescale forcing, using longtime series 
of radiosonde and satellite data for cloud cover (from the 
International Satellite Cloud Climatology Project (ISCCP)) 
and the normalized difference vegetation index. Figure 1 
shows that July is the driest month for the majority of Bra
zil (Figure 1a). The dry season duration in Figure 1b shows 
two minima, one over west Amazonia, associated with the 
monsoon circulation and persistent convection, and another 
in the south of Brazil, associated with the penetration of cold 
fronts. We shall give considerable emphasis to studies in SW 
Amazonia (specifically Rondônia and the Rio Madeira Ba
sin) in section 2 because of the large seasonal cycle. 

Prior to LBA, the Rondônia Boundary Layer Experi
ment (RBLE 3) collected data from representative regions 
of forest and deforested pasture in the JiParaná region of 
Rondônia during the 1993 dry season [Nobre et al., 1996]. 
Nobre et al. noted the much deeper daytime BL over the 
pasture site, where the surface sensible heat flux is roughly 
double that over the forest in the dry season. In contrast, the 
nighttime BL is deeper over the aerodynamically rougher 
forest. However, simple onedimensional mixed layer mod
els failed to capture the diurnal cycle of the growth of the 
daytime unstable BL and underestimated the large differ
ences in the afternoon BL depth between forest and pasture 
[Fisch et al., 1996]. Fisch et al. suggested that the horizontal 

heterogeneity and mesoscale circulations must be important, 
both within the deforested area, where strips of forest remain 
(spacing of the order of 5 km), as well as between the forest 
and pasture regions, a distance of 90 km.

2. WHAT IS DISTINCTIVE ABOUT THE AMAZONIAN 
BOUNDARY LAYER?

Over land, the boundary layer goes through a strong di
urnal cycle [e.g., Betts, 2003] as it links the heated surface 
to the atmosphere during the day and uncouples from the 
atmosphere at night. Since the BL couples the atmosphere to 
the surface on the daily timescale, its structure depends both 
on differences in the surface, the roughness and the availabil
ity of water for evaporation, and differences in the overlying 
atmosphere. Over the moist forested Amazon Basin, the sur
face water storage is large (available soil water storage may 
approach 800 mm, see Hodnett et al. [1996] and Figure 4), 
and the surface vegetative conductance is correspondingly 
large (typical values are around 30 mm s−1 [Wright et al., 
1996]). Consequently, the drop in relative humidity across 
the leaf at the surface (which is related to the height of the 
lifting condensation level) is small, and so daytime cloud 
base heights are also small, typically reaching only 1000 m 
[Betts et al., 2002a], somewhat more in the dry season [No-
bre et al., 1996]. In addition, the cooled nighttime stable BL 
generally saturates and is about 300 m deep over the aero
dynamically rough forest [Nobre et al., 1996]. In southern 
Amazonian regions, where there is a strong annual cycle of 
precipitation, there is sufficient available storage of water in 

Figure 1. (a) Driest month (month of minimum high cloud cover). (b) Dry season duration defined using high cloud 
cover. Adapted from Machado et al. [2004], reprinted with permission of SpringerVerlag.
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the soil in forested areas that the drop in evaporation in the 
dry season and corresponding deepening of the dry adiabatic 
subcloud layer is small (less than 20–30% [da Rocha et al., 
this volume]). In contrast, in deforested regions in Rondônia, 
where available soil moisture is much reduced, the evapora
tion falls sharply in the dry season, and the subcloud layer 
depth may reach nearly 2000 m in the afternoon. 

Over most of the Amazon Basin, the overlying tropical 
atmosphere is convectively coupled. In the rainy season, the 
entire troposphere is linked to a single moist adiabat, near
neutral stability for deep convection, with a minimum satu
ration equivalent potential temperature close to the freezing 
level in the middle troposphere. In the dry season in the 
southern Amazon, when there is subsidence aloft, a weak 
inversion caps a layer of shallow cumulus, and only the 
lower troposphere is convectively coupled on many days. 
However, in all seasons, a partly cloudy convective bound
ary layer, which is coupled to the surface, controls the sur
face radiative energy budget. We first look at atmospheric 
differences between seasons and then at the seasonal differ
ences in the surface processes between forest and pasture in 
Rondônia.

2.1. Monthly Mean Atmospheric Differences Between Wet 
and Dry Seasons

The seasonal cycle over SW Amazonia is driven by the 
largescale circulation [see Nobre et al., this volume]. Figure 
2a shows the monthly mean vertical omega field (vertical 
velocity in pressure units) over the Rio Madeira Basin, de
rived from hourly model data from the European Centre for 
MediumRange Weather Forecasts (ECMWF) 40 Year Re
analysis (ERA40) [Betts and Viterbo, 2005]. Both months 
show convergence and ascent near the surface, but in the 
rainy season, mean ascent is positive throughout the tropo
sphere, peaking around 300 hPa. This destabilization is, of 
course, balanced by heavy convective precipitation. During 
the dry season, subsidence dominates, peaking at around 700 
hPa, and this suppresses deep convection. The result is the 
dramatic difference in the mean relative humidity (RH) of 
the troposphere, shown in Figure 2b (as well as in precipita
tion and cloud cover, not shown). In February in the rainy 
season, RH is above 70% in the lower troposphere, while in 
August, mean RH falls steeply above 700 hPa to about 20% 
in the middle troposphere. 

As a result of this different tropospheric forcing, the stabil
ity of the atmosphere with regard to moist convection is very 
different in the two seasons, as shown in Figure 3, which 
shows the mean vertical profiles of equivalent potential tem
perature, θE, and θES its saturation value, which represents 
temperature in this moist adiabatic reference system. The 

Figure 2. (a) Vertical profiles of monthly mean vertical velocity 
field for February and August 1999 for Rio Madeira Basin from 
ERA-40. (b) Same as Figure 2a but for RH profiles.

dotted lines represent moist adiabatic parcel ascent from the 
30hPa layer near the surface. In February, this lifted parcel 
is buoyant through much of the troposphere. In contrast, in 
August, the daily mean parcel is never buoyant if lifted. In
deed, in the dry season, the shallow cumulus convection oc
curs only in the daytime, when the surface heating is strong, 
and it is generally trapped below the temperature inversion 
from 700 to 600 hPa, which, in turn, is maintained by the 
subsidence shown in Figure 2a. Rain events in the dry sea
son typically occur with the intrusion of cold fronts from 
the extratropics [Fisch et al., 2004]. Note that the subsid
ence in Figure 2a peaks at the base of the inversion, where 
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the shallow cumulus detrain their liquid water and cool the 
atmosphere.

2.2. Surface Seasonal Differences Between Forest  
and Pasture

Forest and pasture respond differently to similar atmos
pheric forcing [Culf et al., 1996]. von Randow et al. [2004] 
show seasonal comparisons between pasture (Fazenda Nossa 
Senhora) and forest (Rebio Jaru) sites in Rondônia. Monthly 
averages of air temperature and specific humidity and 
monthly totals of rainfall measured over the pasture and for
est sites during the period February 1999 to September 2002 
are shown in Figure 4a. The range in monthly mean air tem
perature is small, and it is not easy to identify a clear seasonal 
pattern. Strong precipitation events in January–February  
and penetrating cold fronts in June–July influence the aver-
ages in some years. On the other hand, a clear drop in spe
cific humidity and a drastic reduction in rainfall during the 
dry seasons are observed at both sites. Rainfall amounts 
were higher at the forest site (2000–2400 mm a−1) than at the 
pasture site (1400–2000 mm a−1), but it is unclear whether 
these differences are truly representative of larger areas [von 
Randow et al., 2004]. However, Ferreira da Costa et al. 
[1998] compared rainfall from contrasting sites (forest and 
pasture) at Rondônia during four rainy seasons (December–
February) from 1992 to 1995 and also found 28% greater 
rainfall over forest than over pasture. Fisch et al. [2007] ana
lyzed the spatial variation of the convective rainfall in this 

region, using the TRMM rain gauge network. They used a 
statistical model of a rainfall event and concluded that at a 
distance greater than 5 km, the measured rainfall from typi
cal convective cells had a poor correlation (0.2 ~ 0.4). The 
specific humidity is also always higher in the forest area, 
with average values ranging from 15.8 g kg−1

 
in the dry sea

sons to 17.5 g kg−1
 
in the wet seasons, while at the pasture, 

the average values are 13.4 and 16.0 g kg−1 in the dry and wet 
seasons, respectively. 

Figures 4b and 4c show the storage of water for the lay
ers from 0 to 2 m and 2 to 3.4 m, respectively, in the soil 
profile. Both forest and pasture show a very pronounced sea
sonal cycle, with much larger dry season decreases in the 
forest than the pasture, especially in the lower layer, where 
the deep root extraction is much greater in the forest [von 
Randow et al., 2004; Negrón Juárez et al., 2007]. Conse
quently, over the forest, the surface Bowen ratio, given by 
ratio BR = H/λE (where H and λE are the surface sensible 
and latent heat fluxes respectively) varies little, increasing 
slightly in the range 0.3–0.4 from wet to dry seasons. How
ever, over the pasture, where there is little deep root extrac
tion, BR increases from about 0.4 in the rainy season [Betts 
et al., 2002a] to 0.65 in August [von Randow et al., 2004]. 
Galvão and Fisch [2000] reported BR increases from 0.21 
to 0.3 over the forest and from 0.32 to 0.76 over the pasture 
between the wet and dry seasons. There remains consider
able uncertainty in these surface flux estimates because of 
the lack of energy balance closure using eddy correlation 
methods [von Randow et al., 2004]. In a later study combin
ing eddy correlation and scintillometry measurements, von 
Randow et al. [2008] show that the eddy fluxes do not fully 
capture the spatial variability of turbulence, especially at low 
frequencies. As this affects both H and λE, it is likely that the 
percent uncertainty in the Bowen ratio is smaller than in the 
individual fluxes.

Over forest sites, where deep soil water is available even 
through a dry season, evapotranspiration depends largely on 
the surface net radiation [Negrón Juárez et al., 2007; Hasler 
and Avissar, 2007]. The surface radiative budget is thus a 
critical component of the surface forcing of the BL. Figure 
5 (top) [von Randow et al., 2004] shows the mean annual 
cycle of surface albedo; Figure 5 (bottom) shows the net 
short-wave flux, Sn, net long-wave flux, Ln, and net allwave 
radiation flux, Rn, over forest and pasture. The solar radia
tion reflected by the pasture is larger throughout the year and 
reaches a peak early in the dry season, much earlier than the 
lower forest peak in albedo.

Several factors contribute to the seasonal variation in in
cident solar radiation (not shown): solar zenith angle, cloud 
cover, which peaks in the rainy season, and smoke from 
burning during the dry season. However, the albedo differ

Figure 3. Monthly mean vertical profiles of θE and θES for February 
and August 1999 for Rio Madeira Basin from ERA40 reanalysis.
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ence dominates the difference in Sn between forest and pas
ture. Outgoing Ln has a large seasonal variation, peaking in 
August when the atmosphere is dry (Figure 2b) and cloud 
cover is a minimum. Outgoing Ln is slightly larger over the 
pasture primarily because of warmer mean daytime temper
atures. Throughout the year, Rn is greater over forest because 
of its lower albedo and slightly smaller outgoing longwave 
flux. The mean annual reduction in Rn over the pasture is 
13.3% [von Randow et al., 2004], smaller than the 20.4% 
given for the boreal forest by Betts et al. [2007], where snow 
cover also reduces Rn over grass in late winter.

2.3. Diurnal Cycle of the Amazonian BL

The daytime convective BL over Amazonia is rarely 
cloudfree, so the depth of the mixed layer below cloud base, 
the lifting condensation level and the nearsurface RH are all 
tightly coupled [see Betts et al., 2006]. Nearsurface RH is 
strongly influenced by the availability of water for evapora
tion, so forest sites where rooting is deep (Figure 4) and pas
ture sites show larger differences in the dry season than in the 
wet season. Afternoon mixed layer heights range from 700 
to 1100 m in the rainy season over forest and pasture, when 

Figure 4. (a) Monthly averages of air temperature (circles), specific humidity (inverted triangles), and monthly totals of 
precipitation (columns) measured over the forest (represented by solid symbols) and pasture (represented by open sym
bols) from February 1999 until September 2002. Storage of water in the soil at forest and pasture sites for the layers from 
(b) 0–2 m and (c) 2–3.4 m deep. Adapted from von Randow et al. [2004], reprinted with permission of SpringerVerlag.
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Bowen ratios are low and RH is high [Fisch et al., 2004; von 
Randow et al., 2004]. In the dry season, strong subsidence 
(Figure 2a) brings dry air into the BL, and evaporation is 
reduced over the pasture in Rondônia, so mixed layer depths 
are much larger and can reach 2000 m over the pasture. Betts 
et al. [2002a] and Strong et al. [2005] discuss the surface 
diurnal cycles of temperature, humidity, lifting condensa
tion level, equivalent potential temperature, surface fluxes, 
and BL cloud for easterly and westerly regimes (see section 
3.3) at the Rondônia pasture site in the 1999 rainy season. 
They show that the downward solar radiation and the fluxes 
of sensible and latent heat are lower for the westerly wind 
regime, which has more stratiform cloud but has a higher 
water vapor mixing ratio with a weaker diurnal cycle. The 
easterly wind regime shows an early morning maximum of 
mixing ratio, followed by a fall to a minimum in the after
noon, as the cumulus clouds mix water vapor up and out 

of the subcloud layer more rapidly than is provided by sur
face evaporation. As the rainy season progresses throughout 
January and February 1999, there is a steady transition to
ward cloudier conditions and lower surface fluxes. Daytime 
surface Bowen ratio for this pasture site is about 0.4 and 
falls slightly as the rainy season progresses. Typically, in the 
afternoon, evaporatively driven downdrafts from convective 
rainbands transform the boundary layer. The fall of equiva
lent potential temperature in the boundary layer is about 10K 
and is similar for both regimes, but the boundary layer cool
ing by individual convective events during the westerly re
gimes is reduced because the subcloud layer is shallower on 
average, as rain events are weaker but more frequent. This 
boundary layer modification by rainbands is rather similar 
to that seen in other moist convection regimes in the tropics 
(e.g., in Venezuela [Betts, 1976]). 

Figure 6 compares the seasonal cycle of the diurnal cycle 
for the nearsurface variables for the Rondônia pasture and 
forest sites during 2001, using data from von Randow et al. 
[2004]. Note that the temperature, T, and relative humidity 
data, RH, are from Vaisala HMP35A instruments, mounted 
at very different heights: 8.3 m over the pasture and 60 m 
over the forest floor, well above the mean canopy height of 
35 m [von Randow et al., 2004]. The “wet” season mean 
is January, February, and March; the “dry” season here is 
simply August, when mean subsidence is strongest over 
Rondônia; and the “drytowet” transition is an average of 
September and October. Although the mean temperature in 
Figure 6a varies little over the year, the diurnal amplitude of 
temperature doubles between the wet and dry seasons, as the 
atmosphere gets drier and less cloudy, and the outgoing net 
longwave radiation, which is a primary driver of the diurnal 
temperature range [Betts, 2006], doubles (see Figure 5). The 
forest data (at 60 m) are warmer than the pasture (at 8.3 m) 
in the rainy season, but the pasture becomes warmer in the 
daytime in the dry season with a greater increase in diurnal 
range. 

The diurnal moisture structure in Figure 6b shows the sea
sonal fall of water vapor mixing ratio, Q, between wet and 
dry seasons and the rapid recovery by the transition season. 
The forest always has a greater mixing ratio than the pasture 
[von Randow et al., 2004]. For Figure 6, a low bias of 4.3% 
near saturation at the pasture site was corrected, but it is pos
sible that part of the humidity difference between sites is 
still instrumental, as these instruments are only calibrated to 
a few percent in RH. Indeed, absolute calibration of humid
ity instruments is difficult in these very moist tropical envi
ronments [Betts et al., 2002c]. Away from the rainy season, 
mean mixing ratio rises steeply from a morning minimum at 
sunrise, when the atmosphere is saturated at the surface (Fig
ure 6d), as evaporation is trapped in the stable nocturnal BL. 

Figure 5. Monthly averages of (top) surface albedo and (bottom) 
net shortwave radiation (Sn, circles), net longwave radiation (Ln, 
squares) and net allwave radiation (Rn, inverted triangles) over for
est (solid symbols) and pasture (open symbols) during 1999–2002. 
Adapted from von Randow et al. [2004], reprinted with permission 
of SpringerVerlag.
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Only a few hours after sunrise, the deepening mixed layer 
breaks through the nocturnal inversion and mixes with the 
residual layer above, and Q stops rising, as BL clouds trans
port water vapor out of the mixed layer. In the dry season, 
this coupling with the convective cloud layer above leads to 
a strong fall of Q following the morning peak and a weaker 
fall in equivalent potential temperature θE, shown in Figure 
6c. Over the forest, θE is larger than over the pasture, as it 
depends mainly on Q. In the wet season, mean θE rises dur
ing the daytime, until the onset of deep convection brings 
lower θE air from higher levels into the subcloud layer in 
downdrafts [Betts et al., 2002a]. Note that the mean θE over 
the forest reaches a slightly higher mean peak in 2001 in 
the transition season, when deep convection is strongest (see 
section 3.5). 

Finally, Figure 6d shows the pressure height from the 
surface to the lifting condensation level (LCL), PLCL (the 

different measurement heights above the surface have been 
added). As discussed at the beginning of this section, the 
LCL over Amazonia is a good estimate of daytime cloud 
base and the depth of the mixed layer. The corresponding 
nearsurface RH is shown on the righthand scale (with slight 
approximation). In August 2001, mean afternoon cloud base 
reaches nearly 240 hPa (2100 m) above the pasture; while in 
the wet season, afternoon cloud base height is only 60 hPa 
(545 m) over the forest. Such a low cloud base is more typi
cal of the tropical oceans, so this has led to the description of 
the Amazon Basin as a “green ocean.”

2.4. Nocturnal Boundary Layer

Nocturnal boundary layer (NBL) development is differ
ent between dry and wet seasons and between forest and 
pasture. The greater surface stress over the forest surface 

Figure 6. Diurnal cycle of (a) T, (b) Q, (c) θE, and (d) PLCL for Rondônia forest and pasture sites in the wet and dry sea
sons and the transition from dry to wet in 1999.
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generates a deeper NBL through enhanced turbulent mixing 
[Nobre et al., 1996]. The longwave radiative cooling of the 
surface is much larger in the dry season because of the lower 
humidity of the overlying atmosphere and reduced nocturnal 
cloud cover [Betts, 2004, 2006], and this leads to a more sta
ble NBL [R. M. N. dos Santos, 2005]. In addition, the NBL 
develops from an afternoon BL, which typically has a deep 
“wellmixed” dry adiabatic structure in the dry season, but 
develops from a disturbed raincooled structure closer to a 
wet adiabatic temperature profile in the rainy season. Conse
quently, it is easier to define the depth of the NBL in the dry 
season, when the surface cooling is larger and the residual 
BL above is closer to a dry adiabat.

A comparison between the NBL over the forest (Rebio 
Jaru) and pasture (Fazenda Nossa Senhora) in Rondô
nia for the August 1994 RBLE 3 dry season was given by  
R. M. N. dos Santos [2005]. Using primarily tethered bal
loon data to define the height and temperature profile of the 
NBL, she showed that the difference, Δθ, between the sur
face and NBL top (a measure of the strength of the NBL) 
reached about 11K at 0500 local solar time (LST) (before 
sunrise) over both forest and pasture. However, at 0500 LST 
the NBL depth was typically 30% greater over the rougher 
forest (420 ± 84 m) than over the pasture (320 ± 46 m). This 
difference is consistent with the theoretical analysis of NBL 
depth and strength, based on reanalysis model data by Betts 
[2006]. Another factor that may contribute to a deeper for
est NBL is that the sensible heat flux reverses sign, and the 
NBL growth starts almost 1 hour earlier over the forest than 
over the pasture in Rondônia [Oliveira and Fisch, 2000]. R. 
M. N. dos Santos [2005] also analyzed three data sets col
lected during the TRMMLBA rainy season in Rondônia 
at the same forest and pasture sites and a third transitional 
forestpasture site at Rolim de Moura. In the rainy season, 
the NBL is similar at all three sites. Compared to the dry 
season, the NBL depth is shallower, typically about 240 m 
before sunrise, and much weaker in strength, with Δθ typi
cally in the range of 3.5–4K [R. M. N. dos Santos, 2005], 
because the nighttime longwave cooling is much less in the 
humid wet season. The nearsurface layer usually saturates 
at night in the rainy season. The NBLs during the wet season 
were mostly weakly stable over forest and pasture. The most 
intermittent turbulence, associated with the greatest Monin
Obukhov (z/L) stability parameter, was seen at the transi
tional forestpasture site [R. M. N. dos Santos, 2005]. 

Lowlevel nocturnal jets are commonly observed in 
Rondônia: in the RBLE 3 dry season on about 80% of the 
days and in the February 1999 wet season experiment on 
about 60% of the days [R. M. N. dos Santos, 2005]. Jet 
speeds are similar over forest and pasture and in both dry 
and wet seasons (mean 7.6 ± 1.9 m s−1, sample size N = 94 

soundings); but the height of the jet maximum was typically 
lower in the dry season (470 ± 165 m, N = 29) than in the 
wet season (670 ± 145 m, N = 65). Cohen et al. [2006] report 
similar lowlevel jets in eastern Amazonia. The shear gener
ated by the lowlevel jet is a topdown forcing of the NBL 
[R. M. N. dos Santos, 2005].

Acevedo et al. [2004] estimated NBL depths during two 
campaigns, July and October 2001 near Santarém, from sur
face fluxes and local changes in temperature and humidity as 
measured by tether or captive balloons. For this site not far 
from the Tapajós River, their estimates of NBL depth were 
smaller (less than 150 m), comparable to the thickness of 
the nocturnal fog layer before dawn. They suggest that the 
radiative flux divergence at the interface between fog and 
the clear air above leads to a strong temperature inversion. 
They used budget methods to compare the accumulation of 
CO2 in the NBL with eddy correlation estimates of the sur
face CO2 flux.

2.5. Local Thermodynamic BL Processes  
and Land-Surface Feedback

We will shift attention now to the coupling of surface, BL, 
and atmospheric processes and discuss some of the links 
between surface evaporation, cloud base, cloud cover, and 
surface cloud radiative forcing on the daily timescale [Betts, 
2004; Betts and Viterbo, 2005]. For illustration, we again use 
the ERA40 reanalysis for the period 1990–2001 averaged 
over the Rio Madeira Basin. We averaged the hourly model 
data to give daily means. When we average over the diurnal 
cycle, we see the balance on the daily timescale between 
surface processes, downward mixing into the BL, and the 
effect of falling precipitation evaporating into the BL. In the 
model system, soil water is a strong control on evaporation 
as well as BL and cloud processes [Betts and Viterbo, 2005]. 
However, the model does not represent well the Amazonian 
soils and deep rooting structures, and compared to Figure 4 
for the Jaru forest, the model has much less water available 
for evapotranspiration in the dry season. So instead of soil 
water storage, we will use the surface evaporative fraction, 
EF = λE/(λE + H ), to represent the range of availability of 
surface and subsurface water states. EF can also be thought 
of as the fraction of the surface available energy going into 
evapotranspiration.

Figure 7 has four plots. Figure 7a links surface evapora
tive fraction, EF, to nearsurface RH and PLCL (the height of 
the LCL or cloud base) for different daily precipitation rates. 
A representative set of standard deviations of the daily mean 
data is shown. Not surprisingly, as EF increases, mean cloud 
base descends and RH increases; but RH also increases as 
precipitation increases. This is a highly coupled system. 
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When the LCL is lower, more precipitation is likely; but the 
converse is also true: the evaporation of precipitation as it 
falls through the subcloud layer will lower the LCL. 

Now the balance of the subcloud layer depends not only 
on the surface EF but also on the humidity of the air above 
the BL, which the BL entrains as it grows deeper during the 
daytime. Figure 7b is similar to Figure 7a, but the days have 
been stratified by RHLMT, which is the average daily RH 
for the lower middle tropospheric (LMT) layer between 500 
and 700 hPa (typically above the BL). The RH of the sub
cloud layer shifts toward a moister state as the lower middle 
troposphere gets moister. Figures 7a and 7b look rather simi
lar because the RH of the lower middle troposphere and the 
precipitation are themselves coupled to the midtropospheric 

vertical motion field on the daily timescale [Betts and Vit-
erbo, 2005]. 

Figure 7c, upper curves, shows that the model low cloud 
fraction below 700 hPa increases weakly with EF and is 
coupled to increasing precipitation. A more quantitative 
measure of the cloud field is the surface short-wave cloud 
radiative forcing (SWCF), defined as SWdn − SWdn(clear), 
the reduction in the incoming clearsky surface downward 
short-wave flux (SWdn) by the cloud field. From the SWCF, 
we can define (following Betts et al. [2006]) a nondimen
sional measure, the effective surface cloud albedo, αcloud, as

 αcloud = −SWCF/SWdn(clear). (1)

Figure 7. (a) Nearsurface PLCL and RH as a function of EF and daily precipitation rate (PR). (b) Same as Figure 7a but 
for a function of lower middle tropospheric RH. (c) Cloud albedo and low cloud cover as a function of EF and PR. (d) 
Surface net long-wave flux as a function of RH and cloud albedo.
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The lower curves in Figure 7c show that αcloud, related to 
the shortwave cloud forcing, increases with surface EF and 
quite strongly with precipitation rate. We used the ERA40 
clear-sky flux to compute αcloud in (1). Since ERA40 has 
only a seasonal representation of aerosols, the strong vari
ability in atmospheric aerosol absorption due to local fires 
(extensive in the drytowet season) will be projected in this 
analysis onto the cloud forcing and αcloud. 

Figure 7d shows the link between the mean surface RH 
and the surface net long-wave flux, Ln, stratified by αcloud. 
The lowest curve is the clearsky Ln: we see that the out
going net clear-sky flux decreases sharply as the BL gets 
moister and cloud base lowers. The upward shift of Ln with 

increasing cloud is a measure of the longwave cloud forc
ing on the daily timescale. Note that the standard deviations 
of the daily data are rather small, typically <5 W m−2. Betts 
et al. [2006] showed that these longwave relationships in 
ERA-40 were in close agreement with flux tower measure
ments over the boreal forest.

Can we evaluate any of these model relationships using 
data from LBA? Figure 8 shows some similarities and dif
ferences between the data (Figures 8b and 8d) from the Re
bio Jaru forest site [von Randow et al., 2004] and the nearest 
grid point in ERA40 (Figures 8a and 8c). Precipitation at a 
point is too noisy a field for stratification, and we have few 
upper air observations during these 4 years of nearsurface 

Figure 8. (a and b) Cloud albedo as a function of EF and season for ERA40 and Jaru forest data. (c and d) Surface net 
long-wave flux as a function of RH and cloud albedo for ERA-40 and Jaru forest. Abbreviations are JFM, January, Febru
ary, and March (the wet season); AMJ, April, May, and June; JA, July and August (the dry season); SO, September and 
October (drytowet transition); and ND, onset of the wet season.
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data. So, instead, we used a seasonal stratification, divid
ing the year into five monthly groups: January, February, 
and March, the wet season; April, May, and June; July and 
August, the dry season; September and October, drytowet 
transition; and the onset of the wet season. Figures 8a and 
8b compare the dependence of αcloud on EF. ERA40 has a 
larger seasonal range of EF: greater in the wet season and 
smaller in the dry season than the Jaru forest. However, the 
lack of energy balance closure in the eddy correlation for
est flux measurements, used here as daily means, introduces 
some uncertainty into the data. von Randow et al. [2004] 
showed that attributing the entire energy imbalance to an un
derestimate in the evaporation would increase EF. Figure 8a 
shows for ERA40 the increase in cloud with surface evapo
ration and with the seasonal change in the largescale forc
ing between dry and wet seasons. Figure 8b shows a similar 
seasonal change and a weak increase with EF, but the rep
resentative error bars shown are significantly larger for the 
data than the reanalysis.

Figures 8c and 8d show the coupling of surface net long
wave, Ln, with near-surface RH and derived αcloud. ERA40 
has a dry bias with respect to the forest site in all seasons (not 
shown). The reanalysis data are at the lowest model level 
(about 10 m), and the forest measurements are at 60 m, and 
this could account for 2% of this bias. ERA40 has a wider 
seasonal range of RH. Since ERA40 has much less soil wa
ter storage than is available to the Jaru forest (Figure 4), this 
leads to lower values of both EF and RH in the dry season 
in the reanalysis. Figure 8c for a single grid point is similar 
to Figure 7d for the much larger Madeira Basin. It shows the 
fall in outgoing Ln with increasing humidity and increasing 
cloud. Figure 8d, the corresponding plot derived from the 
forest observations (using the ERA-40 clear-sky flux cal
culation), is similar, but the range of dependence on cloud 
is reduced, and the standard deviations are again larger. In 
general terms, the Amazonian forest with deeper rooting and 
large soil moisture reserves has a smaller seasonal variation 
in the surface fluxes than ERA-40. Consequently, the Ama
zonian surface fluxes and BL are less strongly coupled to the 
atmospheric forcing than in ERA40. The forest provides a 
local climate stability, which is lost with deforestation, when 
effective soil water storage is reduced. 

The daily mean fields and fluxes give a coherent picture 
of the local landsurfaceatmosphere interaction, and from 
them we can draw inferences about the feedback of land 
surface memory on the seasonal evolution of the boundary 
layer and convection. Fu and Li [2004] looked at the interan
nual variability of the onset of the wet season and its links 
to rainfall in the dry season using 15 years of the ERA40 
data. They found that a longer dry season with less rainfall, 
and therefore reduced evaporation, led to reduced convec

tive available potential energy (CAPE), greater stability, and 
a seasonal delay in the initiation of precipitation and the on
set of the rainy season. This is fully consistent with Figure 
7a, where we see that a lower evaporative fraction and pre
cipitation gives a drier nearsurface RH with a correspond
ing higher cloud base LCL. They suggested that if land use 
change in Amazonia increased the severity of the dry season, 
this would also delay the onset of the rainy season. How
ever, local landsurface feedbacks interact with processes of 
larger scale in determining the circulation. Li and Fu [2006] 
show the impact of cold front intrusions on the wet season 
onset. Grimm et al. [2007] suggest that low spring precipita
tion leads to low spring soil moisture and high late spring 
surface temperature in central east Brazil. This induces a 
topographically enhanced lowlevel anomalous conver
gence and cyclonic circulation over southeast Brazil, which 
enhances the moisture flux from northern and central South 
America into central east Brazil, setting up favorable condi
tions for excess rainfall during the peak summer monsoon. 
This relation is especially strong during El Niño–Southern 
Oscillation years. Antecedent wet conditions in spring lead 
to opposite anomalies. They also suggest that the mountains 
of southeast Brazil may play a role in anchoring the patterns 
of intraseasonal variability.

3. NATURE OF AMAZONIAN CONVECTION

In the rainy season, convection over Amazonia is sensitive 
to processes on many time and space scales because the BL 
is so close to moist neutrality. Unless suppressed by cloud 
cover, surface evaporation from the forest is generally high, 
typically around 4 mm d–1 [Shuttleworth, 1988], and this 
generates convective instability. Machado et al. [2004] used 
long time series of radiosonde data and the ISCCP satellite 
data for cloud cover to discuss the climatological aspects 
of the seasonal and diurnal variability of convection over 
Amazonia. Equatorial forest sites, Manaus and Belém (Fig
ure 1), have smaller seasonal amplitudes of cloud cover and 
precipitation than sites within the deforested arc of southern 
Amazonia (Vilhena) and savanna (Brasília). Equatorial and 
forest sites show significant seasonal cycles in precipitation 
and cloud cover, but these are linked to rather small sea
sonal changes in CAPE. During the rainy season, the differ
ences among the sites are quite small. Greater differences 
in precipitation, cloud cover, vegetation stress, and ther
modynamics appear during the dry season. The strongest 
thunderstorms occur during the transition drytowet season 
and at the beginning of the wet season, when atmospheric 
CAPE is largest for nearly all sites. During the rainy sea
son, the atmosphere is close to the saturated adiabatic lapse 
rate because of the large area covered by convective cloud  
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systems. The high cloud fraction, closely associated with the 
convective clouds, has nearly the same mean diurnal phase 
for the wet and dry seasons for all regions. A high cloud 
minimum in the morning (0% and 15% in the dry and wet 
seasons, respectively) is followed by a rapid increase in the 
early afternoon, reaching a maximum (20% and 45% in dry 
and wet seasons, respectively) at the end of the afternoon. 
The maximum total cloud cover during the wet season is 
during the night. The majority of the rain events during the 
wet season occur around 1400 LST in Belém; Manaus has 
a secondary maximum around 2000 LST, and Brasília also 
has the majority of rain events at this time [Machado et al., 
2004]. The synopticscale convective cloud organization, 
mainly associated with the South Atlantic Convergence 
Zone (SACZ), and Amazonian squall lines are important 
features in central Amazonia. The savanna and deforested 
regions have a larger frequency of thunderstorms, associ
ated with larger CAPE, than the forest sites. Near Belém, sea 
breeze and river breeze effects influence local convection. In 
Rondônia during the rainy seasons of 1992 to 1995, Ferreira 
da Costa et al. [1998] found that the time of the maximum 
rainfall was later (1600 LST) at the forest than at the pasture 
site (1400 LST).

3.1. Amazonian Convection and the Diurnal Cycle

The daytime convective BL typically goes through a rapid 
deepening phase, which last several hours until the first 
cumulus congestus form around 1100 LST [Pereira et al., 
2000; Betts et al., 2002a; Silva Dias et al., 2002a]. The cold 
pools formed by the precipitationdriven downdrafts from 
these cumulus congestus then start the upscale organization 
of precipitating convective lines, which subsequently sta
bilize the BL and troposphere in the afternoon. However, 
the convective response to small perturbations in stability 
is rapid, and largescale forcing can organize propagating 
squall lines of larger scale and can also force precipitation at 
night. Rickenbach [2004] examines the origins of a second
ary nocturnal maximum in cloudiness and precipitation in 
southwestern Amazonia using satellite, radar, sounding, and 
profiler observations from the TRMM-LBA and WETAMC 
field campaigns in early 1999. They found that following 
locally generated afternoon convection, organized deep con
vection often contributes to a postmidnight maximum in 
the rainy area and high cloudiness. Many of these nocturnal 
convective events can be traced to largescale squall lines, 
which propagate westward thousands of kilometers from 
their origin along the northeast coast of Brazil [Cohen et al., 
1995]. Nocturnal stratiform drizzle and cloudiness typically 
weaken and delay the onset of the following afternoon’s 
convection because they stabilize the atmosphere and leave 

extensive midlevel clouds, which reduce the morning incom
ing solar radiation and evaporation [Betts and Jakob, 2002b; 
Rickenbach, 2004].

3.2. Modeling the Diurnal Cycle of Convection  
Over Amazonia

Modeling the diurnal cycle of convection over Amazonia 
in largescale models has, however, proved challenging, just 
because the BL is so close to moist neutrality in the rainy 
season and responds so rapidly to both largescale forcing 
and to radiative feedbacks on the diurnal cycle of the surface 
fluxes. Global forecast and climate models use convection 
parameterizations, and these typically produce deep con
vection soon after sunrise [Betts and Jakob, 2002a, 2002b], 
as soon as the convection scheme “sees” the deep unstable 
atmosphere, characteristic of the rainy season (Figure 3). 
Modifications to the convection scheme in the ECMWF 
model [Bechtold et al., 2004], in which thicker layers are 
lifted and tested for instability, produced some improvement 
but only delayed the onset of deep convection a few hours. 
This appears to be an intrinsic problem because the param
eterizations do not handle the development time scale of the 
highly turbulent shallow convective boundary layer as it 
grows through the morning hours until the first precipitating 
congestus form around 1100 LST. These generate the cold 
pools that organize the subsequent deep convection [Tomp-
kins, 2001], a process that also takes a few hours. Models 
that resolve the explicit development of deep convection 
have proved more successful in realistically simulating the 
diurnal cycle of precipitation [Silva Dias et al., 2002b]. Ra-
mos da Silva and Avissar [2006] using a 1km resolution 
model for Rondônia show that the diurnal cycle of domain
averaged accumulated rainfall can be properly simulated 
with suitable initial profiles of atmospheric relative humidity 
and soil moisture. Khairoutdinov and Randall [2006] using 
a very high resolution model (with a 100m horizontal grid) 
and specified surface fluxes have successfully simulated the 
shallow to deep transition for a sample day from the TRMM
LBA experiment (23 February 1999). They explicitly show 
the role of cold pools from the first precipitating congestus in 
organizing the development of deep convection. However, it 
is fair to say that the successful simulation of all the interact
ing scales in global models has not yet been accomplished.

3.3. Synoptic Links: Mesoscale Analyses  
of Amazonian Convection

Prior to the LBA field campaigns, Cohen et al. [1989] 
established the climatology of squall line systems originat
ing on the north coast of Brazil. They found the largest fre
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quency between April and August. ABLE 2B [Harriss et 
al., 1990], which took place from 13 April to 13 May 1987, 
further characterized the environmental conditions associ
ated with Amazonian convection and squall lines [Greco et 
al., 1990; Garstang et al., 1994; Cohen et al., 1995]. The 
initiation of squall lines near the Brazilian northeast coast 
involves an interaction of easterly waves, sea breeze circula
tions, and the continental heat source [Cohen et al., 1995]. 
Once initiated in this favorable synoptic environment with a 
lower tropospheric easterly jet, squall lines can propagate in 
a quasisteady fashion toward the southwest, covering 1000 
km in 24 hours (a propagation speed of 12.8 m s−1). Similar 
formation and westward propagation also occur in the sum
mer rainy season (July–August) over Venezuela if there is a 
similar easterly flow [Betts et al., 1976; Fernandez, 1980], 
although system lifetimes are typically only a few hours.

During the South American summer, an upper tropospheric 
anticyclonic circulation known as the Bolivian High is fol
lowed in the east by a trough, which extends over the west
ern Atlantic Ocean, known as the northeast Brazilian trough 
[Kousky and Gan, 1981; Albrecht and Silva Dias, 2005]. At 
low levels, a continental heat low develops over Gran Chaco 
in Argentina. This lowlevel atmospheric circulation pattern 
has a northwesterly flow along the eastern Andes in the trop
ics and subtropics and a predominant east-northeasterly flow 
over the Amazon Basin, accompanied by intense convective 
activity and precipitation. Kousky [1979] observed that the 
slow moving cold fronts and subtropical upper tropospheric 
cyclonic vortices play an important role in characterizing the 
precipitation over Brazil. These quasistationary fronts are 
referred to as the South Atlantic Convergence Zone [Nobre, 
1988], and they are recognized as one of the main features 
of the wet season [Silva Dias and Marengo, 1999]. Seluchi 
and Marengo [2000] found that meridional transport of air 
between the tropics and midlatitudes in South America is 
the most intense in the entire Southern Hemisphere and is 
a function of the position of the SACZ. As previous stud
ies suggested that the characterization of the lowlevel jets 
in South America is due to these baroclinic systems, many 
authors have studied the connection between the SACZ and 
convection over the Amazon Basin, using data collected 
during the LBA WETAMC and TRMM field experiments 
in Rondônia [Carvalho et al., 2002; Halverson et al., 2002; 
Herdies et al., 2002; Pereira Filho et al., 2002; Rickenbach 
et al., 2002; Silva Dias et al., 2002a; Tokay et al., 2002].

Wet season (January and February) precipitation over the 
Amazon Basin is clearly linked to the synoptic pattern over 
South America. Two distinct regimes of lower tropospheric 
winds (westerlies and easterlies) were observed in Rondô
nia [Herdies et al., 2002; Rickenbach et al., 2002] during 
the WETAMC and TRMM components of LBA [Silva Dias 

et al., 2002a]. The westerly (easterly) winds were associ
ated with strong (weak) convective activity over the SACZ. 
Variations in the strength of the SACZ regime is in turn as
sociated with the intraseasonal oscillation [Carvalho et al., 
2002; Albrecht and Silva Dias, 2005]. A stronger SACZ re
gime is more efficient in transporting tropical moisture from 
the Amazon Basin into the extratropics. Observations from 
surfacebased radar [Rickenbach et al., 2002] suggested that 
mesoscale convective systems in the strong SACZ regime 
were significantly larger in areal coverage, with weaker rain
fall intensity and weaker vertical development of the con
vective cells. The diurnal variation of rain intensity and rain 
areal coverage generally showed afternoon maxima for both 
regimes but with important differences, suggesting more ex
plosive convective cell growth in the nonSACZ regime and 
the dominance of nocturnal stratiform rain processes in the 
SACZ regime. Individual case studies support this picture 
of propagating squall line systems in the lowlevel easterly 
flow regime with stronger updrafts and more precipitation 
ice in the middle and upper troposphere [Cifelli et al., 2002; 
Pereira Filho et al., 2002] and greater electrification [Hal-
verson et al., 2002; Peterson et al., 2002]. The westerly 
regimes are characterized by reduced CAPE and weaker 
stratiform rain systems with convective elements embedded 
in a moister environment [Cifelli et al., 2002; Halverson et 
al., 2002]. 

Petersen et al. [2006] reformulated this classification of 
flow regimes in terms of perturbations to the cross-equatorial  
flow. They showed, using TRMM lightning and precipitation 
data from four wet seasons, that it is the southeasterly cross
equatorial flow that has the greatest rain intensities, ther
modynamic instability, and electrification. In contrast, the 
regime associated with a northerly lowlevel crossequatorial  
flow (which gives low-level westerly shear) has more stra
tiform rain in a moister troposphere but has less convective 
instability and electrification.

3.4. Aerosols, Smoke, and Convective Transports

Aerosols, coming from natural sources and fires, play a 
key role over Amazonia, both radiatively, impacting the sur
face fluxes and BL stability, and in the nucleation of moist 
convection. Aerosol particle number size distributions and 
hygroscopic properties were measured [Rissler at al., 2006] 
at a pasture site in Rondônia. The measurements were per
formed from 11 September to 14 November 2002 as part 
of LBA SMOCC and cover the latter part of the dry season 
(with heavy biomass burning), a transition period, and the 
onset of the wet season. These show the diurnal cycle of the 
aerosol size distributions and hygroscopic properties, coupled 
to the diurnal evolution of the boundary layer, decreasing  
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during the morning with vertical mixing and increasing in 
the afternoon with peak fire activity (in the latter part of the 
dry season). The radiative impact of aerosols is to redistrib
ute heat within the atmospheric BL. During the dry season, 
aerosol absorption produces a thermal stabilization of the 
atmosphere, which inhibits convection [Freitas et al., 2007; 
L. A. R. dos Santos, 2005] by both the reduction in the sur
face net radiative flux and the warming of the upper aerosol 
layer. 

Aerosol concentrations significantly alter cloud micro
physics. Andreae et al. [2004] suggest that the heavy smoke 
observed from forest fires in the Amazon Basin reduces cloud 
droplet size and so delays the onset of precipitation from 1.5 
km above cloud base in pristine clouds to more than 5 km 
in polluted clouds and more than 7 km in pyroclouds above 
fires. Suppression of low-level rainout and aerosol washout 
allows the transport of water and smoke to upper levels, 
where the clouds appear “smoking” as they detrain much of 
the pollution. Elevating the onset of precipitation means the 
latent heat of freezing is released at higher levels, causing 
intense thunderstorms, large hail, and greater likelihood for 
overshooting cloud tops into the stratosphere. Pollutants and 
water vapor detrained in the lower stratosphere may have 
profound radiative impacts on the climate system. 

3.5. Impact of Microphysical and Electrical  
Differences on Convection

Over Amazonia, the traditional distinction between “mari
time” clouds containing small concentrations (about 50 to 
100 cm−3) of large droplets and “continental” clouds con
taining tenfoldlarger concentrations of smaller droplets is 
blurred. Maritime clouds precipitate easily by warm pro
cesses, whereas coalescence is often suppressed in continen
tal clouds, which often have to grow vertically to supercooled 
levels to precipitate by cold processes involving the ice 
phase. This distinction between convective clouds remained 
a microphysical one until the observations of lightning from 
space revealed a dramatic contrast between the lightning 
over land and ocean [Orville and Henderson, 1986]. The 
differences in updraft strength above land and ocean sur
faces, related to the greater CAPE over land [Rutledge et al., 
1992; Williams et al., 1992], were then identified as another 
cause for differences in the cloud microphysical and electri
cal properties. Williams et al. [2002] examined four distinct 
meteorological regimes in Amazonia to try to separate the 
roles of boundary layer aerosol and CAPE in determining 
continental cloud structure and electrification. The “green 
ocean” westerly regime of the Amazonian wet season is a 
distinctly maritimelike regime with minimum aerosol con
centration, minimum CAPE (of the order of 1000 J kg−1), 

and little if any lightning. During the wet season easterly 
wind regimes, aerosol concentration, CAPE, and lightning 
yield per unit of rainfall are all larger, so it is not possible to 
determine whether greater aerosol or CAPE is responsible 
for greater electrification. The highly polluted aerosol-rich 
October, when biomass burning is at a peak [Fuzzi et al., 
2007] at the end of the dry season in Rondônia, is character
ized by large values of CAPE and high electrical activity. 
Evidence for a substantial role for aerosol in suppressing 
warm rain coalescence was seen in this most highly polluted 
period. However, the lack of distinction in the electrical pa
rameters (peak flash rate and lightning yield per unit rainfall) 
between aerosolrich October and aerosolpoor November 
in the premonsoon regime again casts doubt on a primary 
role for aerosol in enhancing cloud electrification. 

3.6. Coupling of Ozone Transport to Deep Convection

Vertical transports by moist convection are the primary 
process for mixing in the tropical atmosphere. Atmospheric 
constituents are mixed throughout the convective BL during 
the period of morning growth, and with the onset of deep 
convection, convective updrafts and downdrafts, driven by 
condensation and evaporation, overturn the whole tropo
sphere. Nearsurface measurements of equivalent potential 
temperature and ozone at night, when background levels 
of ozone are low, clearly show that convective downdrafts 
rapidly transport air with higher ozone and lower equiva
lent potential temperature down to the surface from around 
800 hPa [Betts et al., 2002b]. This downward transport of 
ozone may play a significant role in the photochemistry 
of the atmosphere boundary layer and increase the surface 
deposition of ozone. The upward transport of lowozone air 
by deep convection in turn affects the photochemistry of the 
upper troposphere and gives insight into the convective mass 
transports [Kley et al., 1997, 2007]

3.7. Forest Breeze and River Breeze Circulations

Given the instability of the Amazonian atmosphere, differ
ences in the surface forcing can affect the convective organi
zation. The challenge of understanding and modeling this 
over Amazonia has been the subject of several papers. Silva 
Dias and Regnier [1996] addressed the modeling of meso
scale circulations driven by a deforested region in Rondô
nia using a mesoscale model. Souza et al. [2000] proposed 
a simple theory for how temperature differences forced by 
surface heterogeneities can force mesoscale circulations and 
applied it to the forestpasture differences seen in RBLE 3 
data collected in the dry season in Rondônia. Silva Dias et 
al. [2002b] examined the impact of topography and defor
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estation on the development of organized precipitating lines 
in Rondônia using data from dual Doppler radar analysis, 
radiosondes, and surface and boundary layer observations. 
They complemented the observational study with a series of 
regional highresolution model simulations at 2km resolu
tion over a 300 km × 300 km area initialized by a morning 
radiosonde profile. They concluded that during a period of 
very weak largescale forcing, topography and deforestation 
played a significant role, although the discrete propagation 
of individual cells and their coupling with upper atmosphere 
circulations were responsible for the development of multi
ple lines.

River breeze circulations also play an important role in 
organizing Amazonian convection [de Oliveira and Fitz-
jarrald, 1993; Silva Dias et al., 2004; Lu et al., 2005]. The 
Santarém Mesoscale Campaign was conducted in August 
2001 close to two major rivers of the Amazon Basin, the 
Tapajós and the Amazon. The observations indicate that 
during weak trade wind episodes, the Tapajós River breeze 
actually induces a westerly flow at the eastern margin with 
an associated line of shallow cumulus. With strong trade 
winds, the river breeze still slows the easterly flow over the 
river and organizes cloud lines east of the river. The atmo
spheric circulation induced by the river has been interpreted 
with the help of a highresolution numerical simulation. A 
single cell forms during late morning over the Rio Tapajós, 
and it evolves in the afternoon with ascending motion in the 
eastern margin and a descending branch in the western mar
gin, which suppresses cloud formation. During the night, 
convergence is seen along the center of the Tapajós. The 
atmospheric CO2 concentration variations were simulated 
using the Colorado State University Regional Atmospheric 
Modeling System with four nested grids that included a  
1-km finest grid centered on the Tapajós National Forest [Lu 
et al., 2005]. The results also suggested that the topography, 
the differences in roughness length between water and land, 
the “T” shape juxtaposition of Amazon and Tapajós rivers, 
and the resulting horizontal and vertical wind shears all fa
cilitated the generation of local mesoscale circulations. Thus 
the particular geometry of the rivers with respect to the trade 
winds has implications for the generalization of the surface 
measurements of turbulent fluxes of heat, moisture, and CO2 
in the Tapajós region.

4. CONCLUSIONS

The field experiments in Amazonia have given us a rich 
database of information on the BL in different regions and 
seasons over both forest and pasture, which show the inter
action of many processes. The surface radiative fluxes are 
modulated by the solar seasonal cycle and the daily and sea

sonal variation in cloud cover and atmospheric aerosols. The 
partition of the surface net radiation into sensible and latent 
heat fluxes depends largely on the availability of water for 
evapotranspiration. Over the forest, where rooting is deep 
and the soil moisture reservoir is large, the annual cycle of 
evapotranspiration is small, even where there is a long dry 
season (as in Rondônia in SW Amazonia). Large daytime 
surface evaporation generates moist convective instability 
and a strong diurnal cycle of convection, which is sensitive 
to dynamic forcing on larger scales. When forcing is weak, 
the unstable convective BL of shallow cumulus grows rap
idly until about 1100 LST, when the BL is deep enough that 
the first cumulus congestus form and precipitate. Evaporat
ing precipitation drives downdrafts, and the cold outflow 
boundaries start the selforganization of the convection into 
lines of precipitating cumulonimbus. When dynamic forc
ing is strong, precipitation and cloudiness may peak at night. 
The nighttime BL over the forest typically saturates and 
forms a layer of fog, some 150 m deep with strong radiative 
cooling at the top. 

The seasonal cycle is controlled by processes of much 
larger scale. In August, largescale subsidence dominates 
over Rondônia, drying the troposphere and suppressing the 
convective BL sufficiently that precipitation is greatly re
duced. Over deforested pastures, where access to deep soil 
water is greatly reduced, EF drops substantially in the dry 
season, and afternoon cloud base may rise to 2000 m with 
reduced shallow cumulus cloud cover. The diurnal range of 
temperature doubles as the surface net longwave cooling 
also doubles. The drytowet transition season is marked by 
the largest atmospheric CAPE, high levels of smoke aero
sols from widespread fires, the most energetic deep convec
tion with the highest tops, and the greatest lightning flash 
rates. The primary vertical transport is by deep convection, 
exchanging gases, aerosols, and smoke between the BL and 
the upper troposphere. 

In addition to self-organization on outflow boundaries, 
mesoscale patterns of convection are organized by heteroge
neities in topography or surface heat fluxes, associated with 
different vegetation and soil water availability. The large 
Amazonian rivers exert their influence on the low-level flow. 
The shift in lower tropospheric wind patterns over Rondônia 
from northeast to northwest, associated with an increase in 
the intensity of the SACZ, alters the convective organization 
structure and propagation as they change both the vertical 
shear and the BL aerosols feeding into clouds. In the low
level easterly flow regime, propagating squall line systems 
predominate, with stronger updrafts and more precipitation 
ice in the middle and upper troposphere and greater electri
fication. The westerly regimes are characterized by reduced 
CAPE and weaker stratiform rain systems with convective 
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elements embedded in a moister environment. Squall lines 
of still larger scale originate from the northeast coast, and 
their influence propagates for days, organizing convection 
and particularly driving precipitation at night.

Stepping back, we have made considerable progress in 
describing and understanding the complex interactions be
tween the continentalscale meteorology and climate of 
South America and more local processes: such as the cou
pling of biosphere, aerosols, and microphysics; clouds, rain 
and mesoscale processes over the diurnal cycle; and the ver
tical coupling between the surface, boundary layer, cloud 
radiative forcing, and troposphere. From an observational 
perspective, continuous monitoring of BL depth using so
dars or lidars could substantially help further analyses. A 
few regions have not yet been studied, such as NW Ama
zonia, which has an intact forest and no dry season, and the 
areas of savannah with tropical forest in Roraima State in 
north Amazonia. Advective processes at the transitions be
tween forest and deforested areas need more investigation, 
specifically in their energy, water, and carbon budgets; high-
resolution modeling could be useful for this.

Yet substantial modeling problems remain because our 
computational capability is still insufficient to represent the 
whole range of scales from the microphysical to the global 
and the development of satisfactory parameterizations for 
the smaller scales has been slow. Amazonia is a particularly 
challenging modeling environment because during the rainy 
season the atmosphere is so close to saturation and hence so 
unstable to moist processes on a range of scales. As a result, 
forecast and climate models differ in their landsurfaceBL
cloud coupling, and many still have errors in the diurnal cy
cle. Consequently, the careful evaluation of models against 
the rich database of Amazonian observations still provides a 
critical path forward.
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